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Abstract

The oxygen-18 isotope composition of calcite in stalagmites across southern and eastern Asia
are highly correlated to one another on orbital time scales: large negative excursions are coincident with
maxima in summer insolation in the subtropics of the Northern Hemisphere (NH). These isotopic excursions
reﬂect changes in the precipitation-weighted isotopic composition of precipitation, 𝛿 18 Op . We present
results from two core experiments using an isotope-enabled climate model—the“high-insolation” and
“low-insolation” experiments—in which the model is forced by extrema in NH summer insolation.
Compared to the low-insolation experiment, the high-insolation climate features profound, large-scale
changes in the pattern of monsoon precipitation spanning from Africa to Southeast Asia that are due to
changes in the relative contributions of temperature and moisture to the near-surface equivalent potential
temperature 𝜃e . Under high insolation, a more rapid increase in land surface temperature in early summer
causes the greatest 𝜃e (and hence precipitation) to shift from the oceans in low insolation (such as today) to
be over land in high insolation (such as the early Holocene). The model captures the general pattern of
isotopic excursions seen in caves spanning from Israel to western China, including large drops in 𝛿 18 Op over
eastern Tibet (−7‰), the Arabian Peninsula, and northeast Africa (−4‰). Although there are large changes
in precipitation over Tibet, the change in 𝛿 18 Op is due to changes in the 𝛿 18 O of water vapor that is delivered
and subsequently precipitated; it does not inform on local precipitation amount or intensity.

1. Introduction
There have been remarkable improvements in the proxy records of climate from speleothems—in particular, the oxygen isotope composition of calcite in stalagmites, hereafter 𝛿 18 Oc . The development of
techniques for accurate, high-resolution dating based on the radioactive decay of uranium to its daughter
products aﬀords exceptional chronological control approaching an accuracy of 500 years per 100,000 years
[e.g., Cheng et al., 2012]. By patching together records from numerous samples from a single cave that
are well dated, numerous proxy records of the 𝛿 18 Oc have been constructed that span hundreds of thousands of years, albeit with gaps. The exceptionally accurate chronology, combined with the length of these
speleothem records, allows an unprecedented window of how the climate has changed on millennial and
longer time scales.
Here we focus on the climate response to insolation forcing for several reasons. First, numerous long
records are available across Asia and South America to reasonably deﬁne the amplitude of insolation-forced
response in the speleothems. Second, these records show a coherent pan-Asian signal in 𝛿 18 Oc on orbital
time scales and have an amplitude (2 to 7‰) that is 2 or 3 times that associated with millennial-scale
changes in 𝛿 18 Oc (1 to 2‰) and 2 to 7 times that associated with the interannual variability of the
(precipitation-weighted) isotopic composition of precipitation (1‰) [Dayem et al., 2010].
The 𝛿 18 Oc in stalagmites from caves that meet certain criteria [Schwarcz, 2007] reﬂects the isotopic composition of water from which the calcite forms. Since the source of this water is ultimately precipitation that
slowly percolates through the soil to the cave site, the 𝛿 18 Oc in speleothems can be directly related to the
climatological oxygen isotopic composition of precipitation:
{
}
18
O
𝛿 18 O ≡ Cs −1 16 − 1 × 1000,
(1)
O
where 18 O and 16 O are the amount of isotopes of oxygen delivered by precipitation over a time interval
that is equal to or greater than the time it takes for the water to percolate from the surface to the cave
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site and the calcite to form. Cs is value of
the Vienna Standard Mean Ocean Water:
2.00520 × 10−3 . We can approximate
equation (1) by
∑ 18
𝛿 Om ⋅ P m
18
𝛿 O ≅ m∑
≡ 𝛿 18 Op ,
(2)
m Pm

Figure 1. Time series of the oxygen isotopic composition of calcite
𝛿 18 Oc (in ‰) in stalagmites across Asia that are suﬃciently long to
resolve orbital time scales. For each speleothem, the time average
𝛿 18 Oc is noted (e.g., Tianmen = −20.6‰) and removed before plotting. Superposed on each speleothem record is the summer (JJA)
insolation at 30◦ N (in green). For ease of viewing, the insolation has
been multiplied by −1 and scaled so that the standard deviation
of insolation is identical to the standard deviation of the 𝛿 18 Op (in
‰) for the respective cave record. Within a single cave, the records
are constructed from several stalagmites, each of which is indicated by a separate color. The cave locations and references for the
speleothem data are provided in Table 1.

where 𝛿 18 Om is the 𝛿 18 O for the month
m (i.e., equation (1) applied to month
m) and Pm is the total precipitation
for month m. 𝛿 18 Op is deﬁned as the
precipitation-weighted 𝛿 18 O of precipitation; to within (Cs ) ≈ 0.2%, 𝛿 18 Op is an
accurate approximation to the climatological 𝛿 18 O, equation (1) (see Appendix A).
𝛿 18 Op will prove to be useful for illuminating
the relative importance of changes in the
seasonality of precipitation and changes in
the isotopic composition of precipitation to
the changes in the climatological 𝛿 18 O and
in the speleothem 𝛿 18 Oc .

We show in Figure 1 the time history of
𝛿 18 Oc from speleothems available from Asia
that are suﬃciently long to resolve orbital
time scales. These records are (from top to
bottom) from Hulu and Sanbao caves in
eastern and central China, Tianmen Cave in
Tibet, Kesang Cave in northwestern China,
and Soreq and Peqiin caves in Israel (Frumkin et al. [1999] show a 𝛿 18 Oc record from a cave in Israel that is
very similar to the Soreq/Peqiin record, only with more gaps; hence, it is not reproduced here.) Details on
the location and source for each cave record are provided in section 2.1 and Table 1. Superposed on each
record is the June–August (JJA) insolation at 30◦ N. It is evident in Figure 1 that the 𝛿 18 Oc in these stalagmites
is strongly forced by insolation—lighter (more negative) values of 𝛿 18 Oc are associated with greater insolation in the Northern Hemisphere (NH) summer. Evident in Figure 1 is a ∼20 kyr pacing of the cycles; this
implicates a strong seasonal control on 𝛿 18 Oc , predominately associated with climatic precession.
One measure of the ﬁt is the correlation between insolation and the 𝛿 18 Oc , the latter being interpolated
to a regular (1000 year) increment. The correlations range from −0.37 at Soreq/Peqiin to −0.75 at Kesang;
Table 1. Speleothems Used in This Study and Featured in Figures 1 and 8ba
Cave and Location
(32◦ 58’N,

35◦ 19’E,

Peqiin
650 m asl) plus Soreq
(31◦ 45’N, 35◦ 03E, 400 m asl)
Hulu (32◦ 30’N, 119◦ 10’E, 31◦ 40’N, 100 m asl) plus Sanbao
(32◦ 40’N, 110◦ 27’E, 1900 m asl)
Kesang (42◦ 52’N, 81◦ 45’E, 2000 m asl)
Tianmen (30◦ 55’N, 90◦ 40’E, 4800 m asl)
Hoti (23◦ 05’N, 57◦ 21’E, 800 m asl)
Mukalla (14◦ 55’N, 48◦ 35’E, 1500 m asl)
Sofular (41◦ 25’N, 31◦ 56’E, 700 m asl)

Duration

Amplitude

Reference

184 kyr

−1.6‰(−1.0, −2.2)

Bar-Matthews [2003] and Bar-Matthews et al. [1997, 2000]

224 kyr

−3.8‰(−3.3, −4.3)

Wang et al. [2001] and Cheng et al. [2009]

500 kyr
127 kyr
82 kyr
129 kyr
50 kyr

−3.9‰(−3.1, −4.7)
−7‰
−4‰
−4‰
0‰

Cheng et al. [2012]
Cai et al. [2010]
Burns et al. [1998, 2001] and Fleitmann [2003]
Fleitmann et al. [2011]
Fleitmann et al. [2009]

a Noted are the cave location, elevation above sea level, and the reference for the data; also noted is the oldest data in each record. The amplitude of the
insolation signal at Peqiin/Soreq, Hulu/Sanbao, and Kesang is found by a linear regression of the measured 𝛿 18 Oc against JJA 30◦ N insolation and then scaled
by the diﬀerence in JJA insolation, 218 kbp minus 207 kbp, which is 72.5 W m−2 ; the 95% conﬁdence interval is noted in parentheses. Sofular is uncorrelated with insolation and tracks ice volume over the past 50 kyr. For Peqiin/Soreq and Hulu/Sanbao, the (negative) correlation between insolation and 𝛿 18 Oc
is greater when the ice volume impact on ocean 𝛿 18 O is ﬁrst removed but not signiﬁcantly so. The amplitude at Tianmen, Hoti, and Mukalla is discussed
in section 1.
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taking into account the auto correlation in the interpolated data, correlations are statistically diﬀerent from
zero at p < 0.05 for all records except Sofular in Turkey. Finally, the 𝛿 18 Oc from stalagmites in Hoti Cave in
Oman and Mukalla Cave in Yemen is also strongly paced by insolation forcing; in these cases, however, there
is suﬃcient precipitation to grow stalagmites only during high NH summer insolation. Hence, a correlation
coeﬃcient between the 𝛿 18 Oc from these caves and insolation is not informative.
Equally remarkable is the amplitude of this orbitally driven signal. To make a rough estimate, we linearly
regressed 𝛿 18 Oc against insolation. Since not all of the cave records are continuous, to make a direct comparison, we then multiplied the regression coeﬃcient for each record by the diﬀerence in JJA insolation,
218 kbp minus 207 kbp: the high and low extrema in JJA insolation over the past 950,000 years. The results
are summarized in Table 1. The peak-to-peak amplitude ranges from 1.6‰ in Israel to 7‰ in Tianmen. At
Hoti and Mukalla, the 𝛿 18 Oc in the stalagmites that form during high NH summer insolation is at least 4‰
lighter than the 𝛿 18 Op measured in precipitation today. The full range in amplitude at Tianmen, Hoti, and
Mukalla is uncertain because the speleothems do not grow during periods of low (Tianmen) or even moderate (Hoti and Mukalla) summer insolation. The 𝛿 18 Oc in Sofular Cave in Turkey [Fleitmann et al., 2009] is
uncorrelated with insolation and tracks ice volume over the past 50 kyr; we will revisit this record and the
Hoti and Mukalla records in section 5.2.
In summary, the speleothem records paint a picture of orbitally paced changes in 𝛿 18 Oc that in turn suggest
changes in the hydrologic cycle that are remarkable in both extent (> 8000 km) and amplitude (> 7‰). As a
reference point, the typical decorrelation length scale associated with interannual precipitation anomalies
in the modern climate is typically < 500 km, and the amplitude of the 𝛿 18 Op anomalies is typically < 1‰
[see, e.g., Dayem et al., 2010].
Although speleothem 𝛿 18 Oc is a direct measure of 𝛿 18 Op , 𝛿 18 Op by itself cannot be directly or uniquely
used to infer changes in precipitation. For example, changes in the seasonal cycle of precipitation, even
without changes in the annual mean precipitation, often lead to changes in 𝛿 18 Op because in many places
there is a large seasonal cycle in the 𝛿 18 O of precipitation; similarly, changes in the pathways and/or the
condensation/evaporation cycling of water vapor enroute to a site where the precipitation occurs will also
change 𝛿 18 Op without necessarily changing the seasonal cycle of precipitation. Hence, interpretation of
the 𝛿 18 Oc data from the speleothems requires the use of a climate model that explicitly simulates the time
O and H18
O.
history of the water isotopes H16
2
2
In this study, we employ an atmospheric general circulation model (AGCM) with an embedded scheme for
water isotopes and couple it to a 50 m slab ocean to examine the impact of the insolation forcing on the
tropical climate. We perform two core simulations that represent the extremes in the insolation over the
past 950,000 years. We ﬁrst document the simulated diﬀerences in the 𝛿 18 Op and climate and compare them
to the diﬀerences in the 𝛿 18 Oc from the speleothems (section 3). We then analyze the model isotope data
to discern the reasons for the changes in the 𝛿 18 Oc and examine the dynamics associated with the simulated climate changes (section 4). We will show that the model captures the gross pattern and amplitude
of the orbital signal seen in the caves across Asia. These isotopic changes reﬂect a fundamental change in
the balance of processes that combine to set the maximum near-surface equivalent potential temperature
𝜃e (which determines the location of monsoon precipitation) during times of high summertime insolation
compared to low insolation (such as in today’s climate). In section 5.1 we compare and discuss our model
precipitation and isotopic results to those previously published. In sections 5.2 and 5.4, we further discuss
the observed speleothem records and in section 5.3 we compare our model results with other proxy data
that inform on the climate changes associated with insolation forcing. Section 6 contains a summary.

2. The Data, the Climate Model, and the Core Experiments
2.1. The Data
The speleothem data are taken from the NOAA National Climate Data Center (NCDC) for Paleoclimatology (www.ncdc.noaa.gov/paleo/paleo.html). The original references for the data are indicated in Table 1.
The NCDC data contribution numbers are as follows: Soreq and Peqiin #2003-061, Hulu #2004-023, Sanbao
#2009-127, Kesang #2012-006, Tianmen #2010-110, and Sofular #2009-132. The Hoti and Mukalla records
show punctuated periods of growth, and age uncertainties in these records preclude using these data past
82 kbp and 129 kbp, respectively. Data for Hoti were not available in digital form. The insolation calculations
are from Huybers [2006].
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Figure 2. JJA averaged precipitation from the (top) modern-day experiment and (bottom) from observations. Observations are taken from the NOAA Climate Prediction Center Merged Analysis of Precipitation (CMAP) product [Xie and Arkin,
1997]. Contour interval is 3 mm/d, starting at 3 mm/d.

2.2. The Climate Model
We employ the European Centre/Hamburg (ECHAM4.6) AGCM [Roeckner et al., 1996] with a module for
water isotopes [Hoﬀmann and Heinmann, 1997; Hoﬀmann et al., 1998; Werner et al., 2001]. The model is run
at T42 (about 250 km) resolution and is coupled to a slab ocean. The model is ﬁrst run with modern-day
insolation and modern-day boundary conditions: 360 ppm CO2 , and modern-day continental geometry,
orography, and ice sheets. A cyclostationary climatological heat ﬂux (“q ﬂux”) is added to the slab ocean to
take into account the heat ﬂux convergence due to unresolved ocean dynamics and errors in the model’s
surface energy balance. All of the experiments are run for at least 40 years, with output from the last 30 years
used to construct climatologies and climatological diﬀerences. All diﬀerences discussed in this paper are
statistically signiﬁcant at p = 0.05 or better.
The model, when forced by modern-day insolation (the modern-day experiment), produces seasonal cycles
in temperature, precipitation, and circulation that agree well with observations. We compare the precipitation simulated by the coupled model with modern-day boundary conditions with that observed (for
northeastern Africa and Tibet; see also Figure 9). Figure 2 shows the JJA climatological precipitation from
(top) the ECHAM4.6 model forced by modern-day geometry and insolation and (bottom) from observations. Figure 3 is the same as Figure 2 but for December–February (DJF). Overall, the model does quite well
at simulating the modern-day seasonal cycle of precipitation—particularly over tropical South America, all
of Africa, and over land and ocean in the northern half of the Indian Ocean sector. Model biases include
too much (little) precipitation in the Atlantic Intertropical Convergence Zone (ITCZ) in JJA (DJF), too much
precipitation in the southern Indian Ocean, and too much precipitation just north of the equator in the
western Paciﬁc.
2.3. The Core Experiments
Two core experiments are performed that represent the extremes in the Northern Hemisphere summertime
insolation over the past 950,000 years; i.e., they represent NH summers at perihelion and aphelion when
eccentricity is large (within < 0.1%, the obliquity parameter is unchanged in the two core experiments). We
will refer to these experiments with the interchangeable labels “high-insolation,” “high-phase,” or “218 kbp”
for the ﬁrst experiment and “low-insolation,” “low-phase,” or “207 kbp” for the second experiment. In the
high-insolation experiment, we force the model with insolation from 218 kbp, which features an extreme
BATTISTI ET AL.
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Figure 3. As in Figure 2 but for DJF.

maximum NH JJA insolation. In the low-insolation experiment, we forced the model with insolation from
207 kbp, the time of extreme minimum in NH JJA insolation (see, e.g., Figure 1). In both experiments we used
modern-day boundary conditions. The diﬀerence in the insolation incident at the top of the atmosphere is
shown in Figure 4: diﬀerences in the NH summer are in excess of +70 W/m2 . Additional experiments were
also performed and will be discussed when appropriate.

Figure 4. Diﬀerences in top-of-atmosphere insolation; (top) 218 kbp minus 207 kbp, (bottom left) 218 kbp minus today,
and (bottom right) 207 kbp minus today. Note that in the NH the insolation at 207 kbp is similar to that of today.
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Figure 5. The diﬀerence in climate associated with diﬀerences in insolation, 218 kbp minus 207 kbp. Summer (JJA) (a)
temperature and (b) summer precipitation and 850 hPa wind. The contour interval is 2◦ C and 3 mm/d for temperature
and precipitation, respectively. Diﬀerences less than 1◦ C and 1.5 mm/d are colored white. The maximum wind vector
is 8.9 m s−1 .

It is useful to point out that in the NH, the JJA diﬀerence maps “high insolation minus low insolation” (i.e.,
“218 minus 207 kbp insolation”) shown in Figures 5, 8, 11, and 12 can also be roughly interpreted as the
diﬀerence between times of high insolation compared to the modern climate. This is because in the NH the
JJA insolation at 207 kbp is similar to today (see Figure 4). Hence, it is not surprising that the NH summertime
climate simulated by the model forced by low insolation (207 kbp experiment) is very similar to that from
the modern experiment. This is illustrated by the diﬀerence map for JJA precipitation in the low-insolation
and modern-day experiments shown in Figure B1a.

3. Results From the Core Experiments
Figure 5 shows the diﬀerence in JJA surface temperature and precipitation due to the diﬀerence in insolation, “218 kbp minus 207 kbp.” As expected, temperatures in the midlatitude continental regions of the NH
are up to 9◦ C greater in the high-insolation experiment. There are remarkable and fundamental changes in
the location of wet regions in the tropics that signal a shift in the balance of processes that contribute to
the near-surface equivalent potential temperature (discussed in section 4.2) that underpins the location of
monsoonal precipitation. Precipitation increases by more than 5 mm/d in a band extending from central
sub-Sahara Africa to across the Arabian Peninsula and into northern India; decreases of more than 5 mm/d
extend across southeast Asia and over the Bay of Bengal (see also Figure 8a). In eﬀect, the heavy monsoon
precipitation has shifted from over Southeast Asia in the low-insolation experiment (and from where it is
today; see Figures 2 and B2) to be over the land regions in northern India and northeastern Africa. Precipitation across the tropical northern Atlantic Ocean has decreased from 12 mm/d in the low-insolation/modern
experiments to 6 mm/d in the high-insolation experiment (see also Figure B2). The enhanced precipitation center in northeast Africa is associated with a strengthening of the easterly winds along the equator in
the Indian Ocean and into the northwest Indian Ocean (Figure 8a), while the northward extension and the
enhancement of precipitation over the Sahel causes a switch from weak easterly winds to westerly winds
along in the Sahel and a collapse of the equatorial Trade Winds across the Atlantic (Figures 5b, 8a, and B2).
Figure 6 shows the diﬀerence in DJF temperature and precipitation. Cooling in the subtropical NH is a direct
response to low insolation (see Figure 4). Despite the similar winter insolation in the high latitude NH, the
BATTISTI ET AL.
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Figure 6. As in Figure 5 but for winter (DJF). The maximum wind vector is 5.9 m/s.

Arctic is warmer in the high-insolation experiment because the large sea ice melting in summer (compared
to 207 kbp) reduces by half the average wintertime sea ice concentration [Jackson and Broccoli, 2003]. Precipitation increases in the subtropical Southern Hemisphere (SH) in the Indian and Paciﬁc Oceans associated
with the warmer oceans which are a result of the delayed ocean response to increased springtime insolation.
The changes in 𝛿 18 Op between the high insolation and the low insolation experiment are shown in Figures 7
and 8b. The model is able to capture the gross aspects of the changes seen in the proxy paleoclimate
records, both in terms of the amplitude and the general large-scale pattern of the response. The 𝛿 18 Op is
lighter by more than −4‰ over northeast Africa and the Arabian Peninsula and by more than −7‰ over
Tibet. Superposed in red numbers in Figure 8b is the diﬀerence in 𝛿 18 Oc associated with high-minus-low
insolation, inferred from the scaled 𝛿 18 Oc at the cave sites (see discussion in section 1). Over the NH, the pattern of 𝛿 18 Op changes is grossly similar to the pattern in precipitation changes (compare Figures 8a and 8b),
although there are important exceptions that we will discuss in section 4.1.
There are also large changes in the 𝛿 18 Op throughout the tropics and subtropics of the SH that are also
somewhat collocated with diﬀerences in SH summertime precipitation: negative (positive) 𝛿 18 Op associated with increased (decreased) DJF precipitation (see Figures 6b and 7). This pattern of 𝛿 18 Op changes

Figure 7. The diﬀerence the precipitation-weighted 𝛿 18 O (𝛿 18 Op ) associated with diﬀerences in insolation, 218 kbp
minus 207 kbp. The contour interval is 1‰. Diﬀerences of less than 1‰ are colored white.
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Figure 8. Regional excerpts of the diﬀerences in summer (JJA) (a) precipitation and (b) 𝛿 18 Op associated with extremes
in the insolation forcing, shown in Figures 5 and 7. Superposed on the JJA precipitation are the changes in the 850 hPa
wind velocity; numbers in pink in Figure 8b indicate the scaled diﬀerence in 𝛿 18 Oc recorded in the stalagmites listed
in Table 1, high- minus low- JJA insolation. The maximum vector length is 11.5 m/s. Contouring and coloring as in
Figures 5b and 7. The red/white boxes indicate the regions used in the calculations of section 4.1 and shown in Table 2
and Figures 9 and 10.

over tropical South America is corroborated by the 𝛿 18 Oc changes from speleothems that are suﬃciently
long to resolve orbital time scales; these results will be presented in a separate paper (X. Liu et al., The inﬂuence of orbital forcing on the climate and isotopic composition of precipitation in tropical South America,
manuscript in review, Journal of Climate, 2014).

4. Analysis
In this section, we present analyses to illuminate the causes of the 𝛿 18 Oc changes in the speleothems and of
the changes in the patterns of precipitation and monsoon dynamics.
4.1. Isotopes and Precipitation
The two “centers of action” in the simulated pattern of the 𝛿 18 Op changes over Tibet and northeast Africa are
corroborated by the 𝛿 18 Oc from the stalagmites (see Figure 8b). Figure 9 veriﬁes that the model reproduces
the modern observed annual cycle in precipitation (see also section 4.3), and hence, we can use its output to
explore the causes of the simulated 218 kbp minus 207 kbp (or high- minus low-insolation) changes in 𝛿 18 Op
in both these regions. We do this by modifying the calculation of 𝛿 18 Op for the 218 kbp case by selectively
including or removing the changes in P and 𝛿 18 O from speciﬁc seasons. For example, to isolate the impact of
changes in 𝛿 18 Op due to just the changes in precipitation during the monsoon months (June to September,
or JJAS) precipitation, we calculate
∑ 18
∑ 18
̃
m 𝛿 Om, 207 ⋅ Pm
m 𝛿 Om, 207 ⋅ Pm,207
18
18
𝛿 Op (218 JJAS precip) − 𝛿 Op ( 207) =
−
(3)
∑
∑ ̃
Pm
m Pm, 207
m

where P̃ m contains the nonmonsoon months (October–May) precipitation from the low-insolation experiment and the monthly precipitation from the monsoon months of the high-insolation experiment. Results
are summarized in Table 2.
Averaged over Tibet (26–32.5◦ N, 85–95◦ E) and northeast Africa (12–21◦ N, 25–45◦ E), the diﬀerence in 𝛿 18 Op
due to high-minus-low insolation is −6.28‰ and −3.73‰, respectively. For both regions, the diﬀerences
BATTISTI ET AL.
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Figure 9. The climatological annual cycle of precipitation and the monthly 𝛿 18 O of precipitation averaged over Tibet and
northeast Africa, the regions of maximum diﬀerences in summer precipitation and 𝛿 18 Op associated with the extremes
in the insolation forcing. Values in green (blue) are for 218 kbp (207 kbp) insolation, a time of maximum (minimum)
summer insolation in the Northern Hemisphere. Also for reference is the annual cycle of precipitation from the control
(modern-day) simulation of the climate model using modern-day insolation (solid black) and from observations (blacked
dashed); the latter is from the NOAA Climate Prediction Center Merged Analysis of Precipitation (CMAP) product [Xie and
Arkin, 1997]. Averages are taken over the boxed regions in Figure 8. The units on 𝛿 18 O are ‰.

are mainly due to monsoon-season diﬀerences (compare values in the third column of Table 2). And of the
two variables that contribute to the 𝛿 18 Op , it is the diﬀerences in the JJAS 𝛿 18 O of precipitation that is primarily responsible for the climatological changes in 𝛿 18 Op . This is at ﬁrst rather surprising, as there is nearly a
doubling of summertime precipitation over Tibet—and nearly a fourfold increase over northeast Africa—in
the high-insolation experiment (Figures 9a and 9b). The explanation lies in the extreme seasonality of precipitation: there is so little precipitation in winter in these regions that 𝛿 18 Op is predominantly determined
Table 2. Sources of the Diﬀerence in Precipitation-Weighted 𝛿 18 O (𝛿 18 Op ) Averaged Over
Tibet (26–32.5◦ N, 85–95◦ E) and Northeast Africa (12–21◦ N, 25–45◦ E)a
Location

Months Used

Δ(Precip) and Δ(𝛿 18 O)

Δ(𝛿 18 O) Only

Δ(Precip) Only

Tibet
Tibet
Tibet
NE Africa
NE Africa
NE Africa

All
Summer Only
Winter Only
All
Summer Only
Winter Only

−6.28‰
−5.45‰
−0.86‰
−3.73‰
−3.56‰
−0.63‰

−7.07‰
−5.21‰
−1.86‰
−3.11‰
−2.46‰
−0.66‰

+1.18‰
+0.86‰
+0.47‰
−1.15‰
−1.16‰
−0.75‰

net diﬀerence in 𝛿 18 Op due to both the precipitation and 𝛿 18 O changes
(218 kbp minus 207 kbp) is in bold. The importance of summer changes is illuminated
in the “Summer Only” rows, whereby the 𝛿 18 Op at 218 kbp is calculated using a hybrid
time series of precipitation and/or 𝛿 18 O: summer (June–September) precipitation
and/or 𝛿 18 O is taken from the 218 kbp simulation, while winter (October–May) precipitation and 𝛿 18 O are taken from the 207 kbp simulation. Similarly, the “Winter Only”
row illuminates the importance of changes in precipitation and/or 𝛿 18 O in the winter
months October–May. Fourth column shows the importance of the change in 𝛿 18 O to
the change in 𝛿 18 Op ; it is found by substituting the 207 kbp precipitation into equation
(2) when calculating the 218 kbp 𝛿 18 Op . Similarly, ﬁfth column shows the importance
of the change in precipitation to the change in 𝛿 18 Op .
a The
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Figure 10. The average 𝛿 18 O of the daily average precipitation in summer, binned as a function of the daily precipitation
amount for (a) Tibet and (b) NE Africa. The cumulative precipitation in summer for (c) Tibet and (d) NE Africa, binned by
daily precipitation amount. For these calculations, we use 30 years of daily data from all of grid points within the regions
indicated in Figure 8.

by the 𝛿 18 O of summertime precipitation, and therefore, it is insensitive to the changes in the total amount
of summer precipitation. Indeed, the unimportance of precipitation for 𝛿 18 Op is illustrated in the last column of Table 2: changes in precipitation amount contribute only +1.18 (−1.15)‰ to the total 𝛿 18 Op change
of −6.28 (−3.73)‰ in Tibet (northeast Africa). Since the 𝛿 18 Oc in speleothems is a measure of 𝛿 18 Op , these
results suggest that these cave records cannot be used to infer changes in the amount of summer precipitation. We note that consistent with our results, Vuille et al. [2005] showed that the year-to-year variations
in the observed 𝛿 18 Op in an ice core taken from southern Tibet (Dasuopu, 28◦ 23’N, 85◦ 43’E, 7200 m above
sea level (asl)) are highly correlated with variations in the strength of the Indian Ocean/Southeast Asian
monsoon and mainly reﬂect changes in the isotopic composition of the precipitation; correlations with the
amount of precipitation are of secondary importance. Encouragingly, Vuille et al. [2005] also conﬁrmed that
the year-to-year variations in 𝛿 18 Op over Tibet in the observed (instrumental) data are reproduced by the
same model that we use in our study.
Nonetheless, as the pattern and amplitude of the insolation-forced diﬀerences in 𝛿 18 Oc in the speleothem
records are similar to the simulated diﬀerences in 𝛿 18 Op , the former are clearly indicators of large changes in
the Indian and Southeast Asian summer monsoon due to insolation forcing. Based on the aforementioned
results, however, the speleothems record diﬀerences in the summer 𝛿 18 O of precipitation and not in the
amount of precipitation. Further analysis of our model results suggests that the changes in the 𝛿 18 O in the
precipitation over Tibet are exclusively due to changes in the 𝛿 18 O of the vapor that is imported and subsequently condensed and deposited to the ground. This conclusion is reached by an analysis of the 𝛿 18 O of
daily precipitation (Figure 10) and an examination of the change in the 𝛿 18 O of the vertically averaged water
vapor, shown in Figure 11a. First, Figure 10a shows that in the low-insolation experiment the 𝛿 18 O of precipitation in Tibet depends only weakly on the intensity of precipitation, measured by the daily accumulated
precipitation; in the high-insolation experiment, the 𝛿 18 O of precipitation actually increases with increasing intensity. Hence, there is little evidence for the “amount eﬀect” in either the low- and high-insolation
experiments (see Lee and Fung [2008] for a thorough discussion of the amount eﬀect). By contrast, the
𝛿 18 O of the daily summertime precipitation is systematically reduced by 3 to 8‰ across all precipitation
rates from 1 mm/d to 30 mm/d, accounting for 92% (97%) of the total summertime precipitation in the
high- (low-)insolation experiment. Figure 11a shows that in the high-insolation experiment the isotopic
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Figure 11. (a) The change in the 𝛿 18 O of the column-integrated water vapor 𝛿 18 Ov , high-insolation experiment minus
low-insolation experiment. (b) The change in 𝛿 18 Op that is not explained by the change in the 𝛿 18 O of the water vapor
in the local environment: (𝛿 18 Op (218) − 𝛿 18 Op (207)) − (𝛿 18 Ov (218) − 𝛿 18 Ov (207)). Units are per mil, contour interval as
in Figure 7.

composition of the water vapor over Tibet is 6‰ lighter (in the vertical average and throughout the vertical column), which accounts for the 7‰ diﬀerence in 𝛿 18 O of the precipitation (Figure 9c) and for the
change in 𝛿 18 Op (Figure 11b). Hence, the change in 𝛿 18 Op over Tibet is due entirely to changes in eﬃciency
of distillation in the Indian monsoon region, which determines the 𝛿 18 O of the vapor that is delivered and
is subsequently precipitated over Tibet. Though the total summertime precipitation over Tibet increases
greatly from the low to high insolation (by 73%; Figure 9a), the amount eﬀect is not acting; the changes in
cave 𝛿 18 Oc register changes in Indian monsoon intensity and not local changes in the amount or intensity of
local precipitation.
Over northeast Africa, Figure 11a shows that the vapor is depleted by only 1 to 3‰ and therefore cannot fully account for the ∼4‰ change in 𝛿 18 Op in that region. Indeed, over northeast Africa, Figure 10b
shows that the 𝛿 18 O of precipitation is strongly dependent on the intensity of precipitation, in both the
high- and low-insolation experiments, and the probability distribution of daily precipitation amounts shows
a shift toward more frequent heavy precipitation events in the high-insolation experiment compared to
the low-insolation experiments (Figure 10d). Hence, the “amount” eﬀect does partially account for the
diﬀerences in the 𝛿 18 O of summer precipitation in northeast Africa.
4.2. Dynamics
As discussed in section 3, there is a fundamental shift in the location of the monsoon precipitation—from
Southeast Asia and the Bay of Bengal in the low-insolation experiment to be over the land regions extending from north of the Sahel, into northeast Africa and extending eastward into northern India in the
high-insolation experiment (Figures 8a and B2). For the low-insolation climate, the monsoon dynamics is
very similar to that operating in the modern climate and is predominantly due to seasonal variations in
insolation and to atmosphere-ocean interaction. Speciﬁcally, the monsoon onset happens when the insolation forcing creates a suﬃcient meridional gradient in subcloud moist entropy (or nearly equivalent, in
near-surface equivalent potential temperature, 𝜃e ) so that the near-equatorial ITCZ and attendant Hadley
circulation gives way to a precipitation centroid in northern Indian Ocean and Southeast Asia [Prive and
Plumb, 2007a, 2007b; Bordoni and Schneider, 2008; Boos and Kuang, 2010]. Once oﬀ the equator, the location of precipitation is predominantly set by the location of the maximum near-surface 𝜃e [Prive and Plumb,
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Figure 12. Near-surface equivalent potential temperature 𝜃e in (a) June at the onset of the monsoon from observations
and for summertime (JJA) in the (b) low-insolation experiment and (c) high-insolation experiment. (d) The diﬀerence
between the high- and low-insolation experiments. Units are kelvin. The observed 𝜃e is calculated from National Centers
for Environmental Prediction Reanalysis data provided by the NOAA Earth System Research Laboratory Physical Sciences
Division, Boulder, Colorado, USA, from their Web site at http://www.esrl.noaa.gov/psd.

2007a, 2007b]. In observations (Figure 12a) and in our model forced by modern-day and 207 kbp insolation
(not shown), these maxima are in the Bay of Bengal and throughout Southeast Asia. For an overview of the
modern thermodynamical view of the monsoon system, see Molnar et al. [2010] and references therein.
The same physics operates in the high phase of the insolation cycle. An important diﬀerence, however, is
that in the high phase the rate of change of the insolation forcing is much greater than in the low phase (see,
e.g., Figure 4). As such, the early summer near-surface temperature increases over land much faster than
over ocean due to the greatly diﬀerent thermal inertia of land and ocean. Hence, the land-ocean temperature diﬀerence is ampliﬁed—so much so that the maximum in near-surface 𝜃e immediately preceding the
onset of the summer monsoon is shifted from over the ocean to be over the land. Speciﬁcally, it is shifted
from the ocean regions in the Bay of Bengal and the NW Indian Ocean in the low-insolation and modern-day
experiments (and in the observations) to be over the land regions of northern India and northeast Africa in
the high-insolation experiment where it remains throughout the monsoon season (cf. Figures 12b and 12c).
4.3. Additional Experiments
Although the basic physics responsible for the land-centric monsoon precipitation in the high-insolation
case are similar to those acting to set the ocean-centric monsoon precipitation in the low-insolation case
and in the modern climate, there is at least one notable diﬀerence. In the modern climate, convective heating over the northern Bay of Bengal gives rise to a westward propagating Rossby disturbance that causes
cold air advection aloft and to the west of the convection that is balanced by subsidence, which helps
to suppress summer precipitation [Rodwell and Hoskins, 1996] and renders the eastern Mediterranean a
desert where the atmosphere looses net energy to space in summer; this same physics is operating in the
low-insolation experiment (see Figure 13).
We performed an additional experiment with ECHAM4.6 AGCM whereby the model was forced by the
low-insolation and an external, localized convective heat source added over northern India to mimic the
heating in the high-insolation experiment: otherwise, the experiment was identical to the low-insolation
experiment. The results showed that precipitation was reduced by about half over Southeast Asia (consistent with that in the 218 kbp experiment, Figure 8b), but the subsidence over the eastern Mediterranean
was a very small fraction of that observed; Liu and Hoskins obtained a similar results using a diﬀerent AGCM
(B.J. Hoskins, personal communication, 2011). Thus, although the insolation forcing in the high-insolation
experiment appears to be suﬃcient to cause the maximum in 𝜃e to be over land, the displacement of the
precipitation center from the Bay of Bengal to be over northern India greatly attenuates the desertiﬁcation mechanism of Rodwell and Hoskins [1996]. The movement of heavy precipitation from ocean to land
and the accompanying high cloud cover turn northeast Africa and the Arabian Peninsula from a net sink of
energy in the low-insolation and modern-day experiments, to a net source of energy in the high-insolation
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Figure 13. The net radiation at the top of the atmosphere for June–August from the (left) 218 kyr and (right) 207 kbp
simulations; also shown is the observed net radiation from CERES (2001–2012). Contour interval is 25 W m−2 ; the bold
(dashed) line is the zero (−25 W m−2 ) contour. Positive values indicate an energy gain by the atmosphere.

experiment (see Figure 13); a similar result was found by Braconnot et al. [2008] in their 126 kbp experiment
(which features an increase of 62.2 W m−2 in net-absorbed summer insolation compared to present day).
The only major diﬀerence between the simulated 𝛿 18 Op and observed 𝛿 18 Oc that is diﬃcult to reconcile is
in east central China, where the simulated orbital signal is ∼ 1‰ but the observed change is ∼ 3.8‰. We
ruled out model resolution as an explanation for the weak model response, by repeating the two core experiments (207 kbp and 218 kbp) at higher resolution (T106, ∼ 120 km). All of the insolation-forced changes
in climate and isotopic composition discussed in our paper are reproduced using the high-resolution
experiments. We revisit the discrepancy between simulated and observed 𝛿 18 Op in eastern China
in section 5.4.
The dominant local insolation signal in the tropical records we have focused on suggests that 𝛿 18 Op in these
regions is relatively insensitive to the presence of the ice sheets or to glacial-interglacial swings in the concentration of atmospheric carbon dioxide. To evaluate this in the model, we reran the core experiments
with high (218 kbp) and low (207 kbp) insolation, only replacing the modern-day boundary conditions with
(i) the Last Glacial Maximum (LGM) continental geometry and orography, including the ice sheets (ICE5G
reconstruction, [Peltier, 2004]), (ii) 200 ppm CO2 , and (iii) with both LGM orography and 200 ppm CO2 . In all
three cases, the response to insolation forcing extremes in the tropics and subtropics was virtually identical to results presented in this paper, which used modern-day geometry and 360 ppm CO2 . These results
will be presented elsewhere (G. H. Roe et al., The response of Asian summertime climate to the largest geologic forcing of the past 50 Ma, manuscript in preparation, 2014), as they are useful for interpreting the
climatological signiﬁcance of isotopic records from the tropics and extratropics during the Pleistocene.

5. Discussion
5.1. Comparison With Other Model Results
5.1.1. Precipitation
The pattern of changes in 𝛿 18 Op and precipitation in our experiments diﬀers from those seen in the pioneering experiments of the impact of the insolation forcing on the monsoons by Prell and Kutzbach [1987], Prell
and Kutzbach [1992], and Jouzel et al. [2000], particularly throughout southeastern and eastern Asia and over
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the Indian Ocean. Prell and Kutzbach [1987] and Prell and Kutzbach [1992] used early variants of the National
Center for Atmospheric Research (NCAR) Community Climate Model to examine the diﬀerence in climate
for two periods of high minus low summer insolation: mid-Holocene (6 kbp) minus modern and 126 kbp
minus 115 kbp. They ﬁnd that compared to today, times of high insolation feature centers of increased precipitation (+2 mm/d) over SE Asia and Sahel, whereas our model features centers of increased precipitation
(> 5 mm/d) in NE Africa and northern India and a center of decreased precipitation (< −5 mm/d) over SE
Asia. Jouzel et al. [2000] examined the changes in annual 𝛿 18 Op associated with the mid-Holocene (6 kbp)
and modern climate simulated by the NASA Goddard Institute for Space Studies (GISS) AGCM and in the
same version of the ECHAM AGCM that we used in this study. Unlike our results, the GISS model simulated
an incoherent pattern of 𝛿 18 Op change associated with the mid-Holocene to present insolation change,
with no change in the vicinity of the Indian Ocean basin, while ECHAM model simulated depletion in the
mid-Holocene over central Africa and along the equator in the Indian Ocean (over Tibet and eastern China,
the change in 𝛿 18 Op in the ECHAM model is similar to our results). Although the choices for times of high
and low insolation that are contrasted in those studies diﬀer from the ones we examine, the most likely
explanation for the discrepancies in the results presented in these early studies and our results is that the
earlier studies used uncoupled AGCMs forced by prescribed, modern-day sea surface temperatures, so precipitation is strongly constrained and precludes the coupled atmosphere-ocean thermodynamics that is
now understood to underlie the modern-day Indian monsoon (see discussion and references in section 4.2).
In addition, the AGCMs used in the pioneering studies by Prell and Kutzbach [1987] and Prell and Kutzbach
[1992] have low horizontal resolution that does not adequately isolate the Indian Ocean from the continental regions to the north (see Boos and Kuang [2010] for how the Himalaya act as a wall that helps to intensify
the Indian monsoon by keeping dry continental air out of the Indian Ocean basin).
There have been two model intercomparison projects whereby the impact of changes in insolation between
the present day and mid-Holocene (6 kbp) has been examined: Paleoclimate Modelling Intercomparison
Project phases 1 and 2 (PMIP-1 and PMIP-2). The experimental setup in PMIP-1 also used ﬁxed modern-day
sea surface temperature (SST) for the mid-Holocene experiments [Joussaume et al., 1999]. Nonetheless,
most models showed an increase in precipitation over northern India and, not surprising, an increase in precipitation in the Sahel [Braconnot et al., 2002; Zhao and Harrison, 2012] although the increase in northern
Africa was not suﬃcient to explain the reconstructed vegetation [Kohfeld and Harrison, 2000]. Grossly similar
results are obtained over the Sahel by Prell and Kutzbach [1987] in their ﬁxed SST AGCM experiments force
by high and low insolation (126 and 115 kbp insolation, respectively), although due to the low resolution
used in their experiments, a comparison between their results and those from PIMP-1 or our results is
not meaningful.
The second phase of the Paleoclimate Modelling Intercomparison Project (PMIP-2) performed the same
mid-Holocene experiment as in PMIP-1 but used a diﬀerent set of AGCMs and included coupling to ocean
models. In general, the pattern of precipitation changes in the mid-Holocene compared to modern day
(high-minus-low insolation phases) found in the PMIP-2 experiments is similar to that from our high- and
low-insolation experiments. A notable diﬀerence between the PMIP-2 and PMIP-1 simulations is an ampliﬁcation in the increase in the precipitation across the Sahel and in northeast Africa in the mid-Holocene that
is attributed to interactions between the atmosphere and ocean [Braconnot et al., 2007; Zhao and Harrison,
2012] [see also Liu et al., 2003; Hewitt and Mitchell, 1998]. From the ﬁgures in Braconnot et al. [2007] and Zhao
and Harrison [2012], it appears that the amplitude of the precipitation changes over the Sahel, northeast
Africa, and in the Indian Ocean in the PMIP-2 experiments is roughly one quarter of that seen in our highminus low-insolation experiments—which implies a roughly linear response to the amplitude in the insolation forcing (the diﬀerence in 30◦ N JJA insolation 218 kbp minus 207 kbp is 72.5 W m−2 , while the diﬀerence
between 6 kyr and today is 22.2 W m−2 ). Analysis of experiments we performed using insolation every 1 kyr
between 195 kbp and 218 kbp also suggests a nearly linear response in monsoon precipitation to changes
in JJA insolation (see section 5.4).
Liu et al. [2003] performed time-slice experiments for various times during the Holocene using the Fast
Ocean Atmosphere Model (FOAM), a low-resolution coupled climate model, while Braconnot et al. [2008]
performed simulations for various times during the Holocene and the Eemian (the last interglacial period)
using the ISPL− CM4 coupled atmosphere-ocean model. In both of these models, precipitation over equatorial Africa and India scales roughly linearly with summer NH insolation, with an amplitude that compares
favorably to what is found in our model. The pattern of summer precipitation changes in these two models
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is somewhat similar to that from our model: precipitation increases (decreases) in northern India (Southeast Asia) when summer insolation is increased. However, in both the FOAM and ISPL− CM4 models, the
changes in precipitation over Africa are conﬁned to the Sahel and equatorial east Africa; they do not
extend farther northward or into the central Arabian Peninsula (cf. Figure 3 in Braconnot et al. [2008]
and Figure 5c in Liu et al. [2003] with our Figure 5). For a further discussion of how coupling aﬀects the
response of the monsoon to insolation forcing in FOAM and the ISPL− CM4 model, see Liu et al. [2003] and
Marzin and Braconnot [2009a, 2009b].
Finally, we note that Merlis et al. [2013] performed experiments to evaluate the impact of insolation forcing on the Hadley circulation and zonally averaged precipitation using a simpliﬁed atmosphere model
coupled to a slab ocean with a prescribed q ﬂux and with a zonally uniform continent in the subtropics of one hemisphere (say, the NH). Their results are at odds with our model results, vis-a-vis changes in
the zonally averaged precipitation and the strength of the Hadley circulation—both in the seasonal and
annual averages. Two likely reasons for the diﬀerences are (i) cloud radiative feedbacks which are included
in the ECHAM model and (ii) east-west asymmetries in the land distribution in the NH; both are fundamental to the changes in the monsoon circulation in our experiments but are excluded in the idealized
model/experiments.
5.1.2. Isotopic Composition of Precipitation
Schmidt et al. [2007] perform simulations of the modern-day and the mid-Holocene climate with the GISS
Model E-R coupled climate model and show patterns of summer precipitation and 𝛿 18 Op change that
are roughly similar to those found in our model, although precipitation changes in their simulations are
greatest in western equatorial Africa and the anomalies in 𝛿 18 Op extend throughout the bulk of northern
Africa, whereas our model shows changes mainly in northeastern Africa (Unfortunately, it is not possible
to compare the relative amplitude of the changes over Africa and India in the Schmidt et al. [2007] simulations because in these regions the anomalies saturate the color bar that is used in their ﬁgures.). Similarly,
LeGrande and Schmidt [2009] perform time-slice experiments spanning the Holocene with the same coupled
model (GISS Model E-R) and show that the increase in 𝛿 18 Oc in speleothems in India and China throughout
the Holocene is consistent with the simulated increases in 𝛿 18 Op . Their results compare favorably to ours: a
∼ 1‰ increase in 𝛿 18 Op associated with a 27 W m−2 decrease in summer insolation over the Holocene; over
India, the 𝛿 18 Op reﬂects the intensity of local monsoon precipitation; and poleward of the Indian Ocean, the
𝛿 18 Op mainly reﬂects the 𝛿 18 O of precipitation and is not correlated with local precipitation amount.
Liu et al. [2014] performed time-slice experiments (snapshots) every 1 kyr from 21 kbp to present using
a low-resolution (T31) version of the isotope-enabled NCAR Community Atmosphere Model, version 3
(CAM3). Each snapshot was forced by 50 years of SST and sea ice taken from a continuous integration of the
fully coupled Community Climate System Model, forced by the history of atmospheric CO2 , orbital changes
in insolation, prescribed ice sheet evolution, and prescribed freshwater ﬂuxes into the ocean. In eastern
China, the simulated 𝛿 18 Op closely follows summer insolation and the eﬀect of changing ice volume on
ocean 𝛿 18 O. In eastern China, their central result is similar to ours: local precipitation is maximum during
high insolation (the early Holocene) and a minimum during low insolation (21 kbp and late Holocene), and
although the local 𝛿 18 Op is out of phase with precipitation in southeastern China, they too ﬁnd that 𝛿 18 Op in
eastern China predominately registers changes in the strength of the Indian Ocean monsoon.
Finally, Herold and Lohmann [2009] used the same AGCM model as we do and compared the climate and
isotopic composition of precipitation over Africa and central Asia during a time of high summer insolation
(124 kbp, during the Eemian) with a time of relatively low insolation (the modern climate). This represents
a diﬀerence in summer insolation of ∼ 44.4 W m−2 —twice that of the diﬀerence between mid-Holocene
and today and about two thirds the diﬀerence between 218 kbp and 207 kbp. Although their experiments
are uncoupled, they prescribe SST boundary conditions that are taken from the output of a coupled model
(though without an isotope module) forced by the 124 kbp and modern-day insolation forcing, respectively.
Encouragingly, the pattern of the changes in 𝛿 18 Op and summer precipitation they report are very similar
to those we have found, and the amplitude of the response scales roughly linearly with the change in summer insolation (compare their Figures 3a and 9b with our Figure 7). Consistent with our ﬁndings, they also
ﬁnd that precipitation in northeast Africa increases when summer insolation is high mainly due to eastward
advection of vapor originating from the tropical Atlantic (see their Figures 2a and 3a).
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5.2. Comparison of Our Model Results With the Speleothem Data
In this section, we compare the changes in 𝛿 18 Op simulated by our model to the amplitude of 𝛿 18 Oc changes
recorded in the long speleothems listed in Table 1 and shown in Figure 8b; a discussion of the results for the
Hulu/Sanbao site is deferred to section 5.4.
The amplitude of the orbital signal in 𝛿 18 Op simulated by our model is in good agreement with the
speleothem 𝛿 18 Oc records from Israel (Peqiin/Soreq), Oman (Hoti), Yemen (Mukulla), Turkey (Solufar), and
from Tibet (Tianmen). Bar-Matthews [2003] and Bar-Matthews et al. [1997, 2000] present the Peqiin and
Soreq cave records, respectively, and note that the negative excursions of 𝛿 18 Op are coincident with the
high summertime insolation and indicate enhanced annual mean precipitation. Our model simulates a 84%
increase in the annual average precipitation at 218 kbp compared with 207 kbp, while Bar-Matthews [2003]
estimate a maximum insolation increase of 70% above modern precipitation during marine isotope stage
5, based on the observed relationship between 𝛿 18 Op and precipitation and inferred changes in vegetation
from the 𝛿 13 C excursions in the speleothems.
Burns et al. [1998] found stalagmites in Hoti Cave in Oman that grew in the early Holocene and during the
last interglacial. They argued that the lighter 𝛿 18 Oc in these stalagmites (compared to modern-day 𝛿 18 Op )
indicates increased wetness in the Arabian Peninsula during interglacial conditions. We note, however, that
both periods of stalagmite growth are also coincident with periods of high summertime insolation. That
they did not ﬁnd stalagmites that formed during the last glacial period could be due to a threshold eﬀect
(hypothesized drying during the ice age created too dry conditions for stalagmite formation, even during
times of high summertime insolation), or perhaps it is an example of the adage “absence of evidence is
not evidence of absence.” Indeed, Burns et al. [2001] and Fleitmann [2003] later found stalagmites in Hoti
Cave that dated to 80 kbp—also coincident with the high phase of the summer insolation cycle—as well
as speleothems that grew during the penultimate glacial period. The diﬀerence between the 𝛿 18 Oc in the
Hoti Cave stalagmites that grew in times of high insolation and the 𝛿 18 Oc in modern-day stalagmites is
∼3–4‰, which compares favorably to 𝛿 18 Op change simulated by the model (∼ 4‰). Finally, Fleitmann
[2003] conclude that the source of the water during these wet periods must be distal to the cave site, based
on the stalagmite deuterium, and suggest a tropical Indian Ocean source. Although our model also indicates
a distal source for the moisture, the predominant source of moisture in eastern Africa and Arabian Peninsula
in our high-insolation simulation is the tropical Atlantic via northeast Africa, which is in agreement with
the source of moisture in the 6 kbp simulation of Patricola and Cook [2007]. Fleitmann et al. [2011] reported
the history of stalagmite growth in Mukalla Cave in Southern Yemen is similar to that seen in Hoti Cave farther north in Oman: speleothems grew during the current and last interstadial, as well as 80 kbp (in Makalla
Cave, dating uncertainties are too large to determine the phasing of earlier stalagmite growth relative to the
orbital cycles).
Consistent with the interpretation of Pausata et al. [2011] and Cai et al. [2010], we ﬁnd that the insolation
driven in 𝛿 18 Op measured on the Tibetan Plateau is solely due to changes in the summer monsoon intensity
over the Indian Ocean sector, which aﬀects the isotopic composition of the vapor imported to Tibet. There is
a large change in the net summer precipitation over Tibet, but this cannot be directly inferred from the cave
isotopes (see discussion in section 4.1). Although the amplitude of the insolation induced 𝛿 18 Op changes
at Tianmen in Tibet in the model agrees well with those observed (∼7‰), we note that the speleothems in
Tianmen stop growing during the low summer insolation, perhaps due to lack of water. Hence, the amplitude of the orbital signal in 𝛿 18 Oc in Tianmen may be a lower limit on the actual swings in 𝛿 18 Op (see Cai
et al. [2010] for further discussion).
As mentioned in section 1, the 𝛿 18 Oc in speleothems from Sofular Cave in Turkey is not correlated with insolation over the duration of the record, 50 kyr; this is in agreement with our model results (see Figure 8b).
Fleitmann et al. [2009] show that the Sofular record clearly tracks 𝛿 18 O in the Greenland ice core (including
the abrupt millennial-scale changes). We cannot rule out, however, that a longer record from Turkey would
show an orbital signature: over the last 50 kyr, the Sofular and Hulu/Sanbao records are very similar and yet
when the whole of the Hulu/Dongee record examined, there is a clear orbital signal in the latter record (see
Figure 1 and Table 1).
Finally, the observed changes in 𝛿 18 Oc at Kesang in northwestern China are comparable to those at
Tianmen. The large response in 𝛿 18 Op simulated by our model is conﬁned to the high Tibetan Plateau,
whereas the Kesang site is far to the north—poleward of the Tarim Basin. Although Cheng et al. [2012]
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ascribe the large Kesang signals to be a measure of the strength of the incursion of the Asian summer monsoon into this region, it could be that the Kesang site is recording changes in the wintertime storm track
that inﬂuence this region. In that case, the failure of our model to capture the orbital signal at Kesang could
be due to an erroneously southward displacement of the wintertime storm track simulated by the model
in the high-insolation experiment or due to model errors in the fractionation eﬃciency under very low
temperatures (below −20◦ C) due to the joint presence of ice crystals and supercooled water.
5.3. Comparison With Other Proxy Data and Their Interpretations
In this section, we compare our model results to all other proxy data that we are aware of for which the
records are suﬃciently long and the chronology suﬃciently constrained so that the orbital signal (or lack
thereof ) can be assessed.
Rossignol-Strick [1983] and Rossignol-Strick [1985] suggest that the sapropel formations in the eastern
Mediterranean Sea are due to unusually high inputs of freshwater into the eastern Mediterranean associated
with enhanced summer precipitation over the Ethiopian Highlands during the high phase of the summer
insolation cycle that is subsequently brought to the sea via the Nile River. This is remarkably consistent with
our model results (see Figure 8a). Bar-Matthews et al. [2000] and Bar-Matthews [2003] note that eight of
the nine sapropel formations observed in the past 240 kyr are coincident with times of wet conditions in
the Israeli caves and all occur during high summertime insolation. Kroon et al. [1998] argue that sapropel
formation in the eastern Mediterranean has been orbitally paced for at least the past 3.2 million years.
In addition to the sapropel data and the orbital pacing of the times of speleothem growth discussed in
section 5.2, a myriad of proxy indicators consistently shows wetter conditions in the Middle East in the early
Holocene (a time of high summer insolation) compared to the late Holocene (a time of low summer insolation); these include proxy records of vegetation [Jolly et al., 1998a], lake levels [Jolly et al., 1998b], and of Red
Sea salinity [Arz et al., 2003]. There is some discussion in the literature of whether the wetter mean conditions in times of high summer insolation reﬂect changes in summer, winter, or annual mean precipitation;
see Kutzbach et al. [2014] for a comprehensive discussion. In our model, there is nearly a twofold increase in
annual precipitation in the far eastern Mediterranean and in the Middle East, and almost all of this increase is
in summertime (as in the simulations of Kutzbach et al. [2014], the ECHAM model shows an increase in winter precipitation, but it is much smaller than the increase in summer precipitation). The increase in summer
precipitation is suﬃciently large that the maximum precipitation shifts from wintertime in the low-insolation
experiment (and in today’s climate) to summertime in the high-insolation experiment. Further support for
a summertime precipitation change is found in the agreement between the amplitude of the orbital 𝛿 18 Oc
signal in the Middle Eastern caves and the insolation-forced changes in 𝛿 18 Op simulated by the model. In
the model, 𝛿 18 Op in the Middle East is depleted in the high-insolation case due to the amount eﬀect (see
Figure 11b); summertime precipitation is isotopically lighter than in winter because the precipitation is
associated with more intense precipitation than in winter.
Schulz et al. [1998] presented one sediment core record from the northwest Arabian Sea that was suﬃciently long (∼ 110 kyr) that the insolation signal could clearly be identiﬁed in the 𝛿 18 Oc in the shells of
the foraminifera Globigerinoides ruber (although an insolation signal is not obvious in two shorter records
(∼60 kyr) farther to the east, which appear to be more similar to the Greenland ice cores). They interpret this
record as an indictor of sea surface temperature regulated by the strength of the upwelling (southwesterly)
monsoon winds in the Arabian Sea—stronger winds associated with the greater summertime insolation,
which is consistent with our results (see Figure 8a).
Reichart et al. [1998] and Clemens et al. [2010] report that total organic carbon production in the northern Arabian Sea is also orbitally paced, with maximum production lagging the maximum summertime
insolation by ∼3 kyr and ∼5 kyr, respectively. [Note: we use JJA insolation, whereas Clemens et al. [2010]
use 1 June insolation; these insolation curves are oﬀset by ∼3 kyr. Using JJA insolation, the phase lag in
productivity reported by Clemens et al. [2010] becomes ∼ 8–3 = 5 kyr.] Bassinot et al. [2011] forced an
oﬄine biogeochemical-ecophysiological model with the output from simulations performed by Marzin and
Braconnot [2009a] of the 9 kyr (high summer insolation) and 6 kbp climate using the IPSL− CM4 coupled
atmosphere-ocean model. They reproduced the observed phasing of primary production in the western
and eastern Arabian Sea relative to the insolation forcing throughout the Holocene and showed that the
changes in both regions are consistent with the changes in the monsoonal winds. Reichart et al. [1998] note
that the total organic carbon production in the northern Arabian Sea today is sensitive to the duration of
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the upwelling favorable winds in the monsoon (rather than the strength of the winds). Our results indicate that the onset time of the monsoon is relatively insensitive to the phase of the insolation (not shown).
Since the orbital modulation of the end-of-summer insolation lags that of the midsummer insolation by
∼3 kyr, this would explain the high correlation between summer-averaged insolation and the 3 kyr lagged
productivity records.
Molﬁno and McIntyre [1990] examine a 200 kyr sediment core (RC24-7) from the equatorial Atlantic (1◦ 20.5’S,
11◦ 53.3’W). They report a strong orbital signal, with greater SST and lower productivity associated with June
perihelion (high JJA insolation); in turn, this implies reduced upwelling along the equator in the Atlantic in
JJA (the high-productivity season). Our modeling results are consistent with this. Figures 5b and B2a show
that the equatorial Atlantic Trade Winds collapse in JJA due to the enhanced monsoonal circulation over
central equatorial Africa.
Finally, we note that the pattern and amplitude of the 𝛿 18 Op response to insolation forcing over South
America agrees remarkably well with the 𝛿 18 Oc in speleothems in the Andes (Huagapo Cave [Kanner, 2012]),
northeast Brazil (Rio Grande du Norde Cave [Cruz et al., 2009]), and southeast Brazil (Botuvera Cave [Wang
et al., 2004, 2007]). Orbitally paced diﬀerences in 𝛿 18 Oc are reported to be +3‰ (Andes), −4‰ (northeast
Brazil), and +2‰ (southeast Brazil)—very similar to that simulated by our model (see Figure 7). The dynamics responsible for these isotope variations and their climatological signiﬁcance are discussed in X. Liu et al.
(manuscript in review, Journal of Climate, 2014).
5.4. What Is With the Central China Speleothems?
Perhaps the only major discrepancy between the speleothem data and the model results is in the lowlands of east central China, where the observed amplitude of the insolation-driven response in 𝛿 18 Oc in the
speleothems in Hulu/Sanbao (Figure 1) is ∼ 4‰ while the model simulates only 1‰. In addition, the central
China 𝛿 18 Oc records are unique in suggesting that the response to insolation forcing in this region may not
be smooth: the transitions between the extremes are sometimes abrupt (e.g., at 120, 128, 189, 192, and
200 kbp). Taken at face value, this suggests some missing physics in the model.
First, we note that the disagreement between observed 𝛿 18 Oc and simulated 𝛿 18 Op is not resolved by
enhancing the horizontal resolution of the simulations (see section 4.3). We also performed 22 additional
experiments, running the model with observed insolation every 1 kyr, from 195 kbp to 218 kbp (each model
run was for 40 years, and we analyzed the last 30 years of integration). The climate and isotope changes
associated with the insolation forcing vary smoothly and nearly linearly with insolation—everywhere on the
planet. Indeed, the ﬁrst empirical orthogonal function of 𝛿 18 Op (the ﬁrst eigenvector of the 𝛿 18 Op covariance
matrix) from all 24 experiments captures 78% of the total variance in 𝛿 18 Op and reproduces the pattern of
isotope change as is seen in Figure 7; the ﬁrst principle component is almost identical in shape to JJA insolation at 30◦ N). We note that Kutzbach et al. [2008] also found that the changes in climate vary smoothly with
insolation forcing in a 280 kyr continuous integration of a low-resolution coupled climate model. Hence, a
possible explanation for the model-observation discrepancy in central China is that insolation forcing produces smooth swings in 𝛿 18 Op in eastern China with a peak-to-peak amplitude of ∼ 1‰ (consistent with
our model results), but the lions’ share of the 4‰ total orbital signal is accomplished by abrupt threshold
physics that is not captured by our model. Below we oﬀer two suggestions but reject one of them outright.
One possibility is that insolation forcing causes slow changes in the mean state of the global ocean in such a
way that the ocean undergoes a stability threshold, causing sea ice extent to change greatly and abruptly in
the North Atlantic, thereby changing the climate and 𝛿 18 Op abruptly throughout the Northern Hemisphere
[see Pausata et al., 2011]. We reject this idea, however, because the only known phenomena that are purportedly associated with abrupt sea ice extent are the Dansgaard-Oscheger oscillations and Heinrich events
that are clearly evident in proxy records in Israel and in the Arabian Sea—locations where the proxy data
show a clear insolation signal and yet no such abrupt changes coincident with the insolation-paced abrupt
changes seen in the speleothems in central China.
Absent any plausible idea or evidence for a global abrupt change, a more likely scenario is that the abrupt
insolation-coordinated changes in China are due to local processes that are missing in our model. One suggestion is that insolation forcing causes smooth changes in climate in eastern China: our model suggests
a ∼50% increase in precipitation and 2◦ C increase in temperature in summer in the high-insolation experiment compared to the low-insolation experiment. In turn, the smooth changes in climate cause threshold
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changes in vegetation and/or soil properties that aﬀect evaporation and/or the ﬂow of water through the
soil that cause abrupt changes in the fractionation of soil water as it percolates to the cave. For example,
one might envision that the warmer, wetter climate at high summer insolation would support forest vegetation, whereas a colder, drier climate would support grasslands. Similarly, a smooth change in the amount
of precipitation may cause an abrupt change in the ﬂow rate through the soils and thus evaporation (even
without vegetation changes) which could aﬀect the fractionation of water as it makes the journey from
the surface to the cave. In these scenarios, the lion’s share of the insolation signal in cave 𝛿 18 Oc is recording abrupt changes in evaporation via abrupt changes in vegetation/soil water holding capacity while a
lesser and smoother contribution is due directly to the climate changes (i.e., to the changes in the 𝛿 18 O of
precipitation). Some support for this hypothesis is found in relationship between the 𝛿 18 Oc and 𝛿 13 C in the
stalagmites in Hulu Cave: 𝛿 18 Oc and 𝛿 13 C are negatively correlated and abrupt changes in 𝛿 18 Oc and coincident with abrupt changes in 𝛿 13 C [Kong et al., 2005]. We note, however, that the Kong et al. [2005] record
does not extend back far enough in time to determine whether the abrupt transitions in 𝛿 18 Oc evident in
Figure 1 are also seen in 𝛿 13 C.

6. Summary
We have performed modeling experiments with the ECHAM4.6 AGCM coupled to a slab ocean to examine
the impact of insolation forcing on the climate and the isotopic composition of precipitation. The amplitude
and pattern of the insolation-forced changes in the precipitation-weighted 𝛿 18 O of precipitation (𝛿 18 Op )
compare favorably to the pan-Asian signature in the oxygen isotopic composition of the calcite (𝛿 18 Oc ) in
speleothems spanning from Israel eastward to the Saudi Arabian Peninsula and Tibet. Compared to times
of low summer insolation in the NH, high-insolation forcing features 𝛿 18 Op over northeast Africa/Saudi
Arabia and Tibet that is depleted by 4‰ and 7‰, respectively. In these regions, the model results suggest
that stalagmites are records of the changes in the isotopic composition of the summertime precipitation.
Summertime precipitation over Tibet is depleted in times of high Northern Hemisphere summer insolation because of the vapor that is arriving is depleted due to changes in the intensity of the Indian Monsoon
[see also Pausata et al., 2011]. Over northeastern Africa, monsoon precipitation is depleted of heavy isotopes because the vapor that is arriving from the west is depleted and because of changes in the probability
distribution of the intensity of precipitation (the so-called amount eﬀect). A robust conclusion of our analyses is that the strong seasonal cycle in precipitation in these regions renders 𝛿 18 Op , and hence 𝛿 18 Oc , quite
insensitive to changes in the total amount of summer precipitation (Table 2).
Theory and observations indicate that the large-scale monsoonal precipitation will be located over the
maximum in near-surface 𝜃e [Prive and Plumb, 2007a, 2007b; Bordoni and Schneider, 2008; Boos and Kuang,
2010]. Our model results suggest that in the Northern Hemisphere, times of low summer insolation (near
June aphelion)—such as in the modern climate—feature an Indian and southeast Asian monsoons that
are largely a result of the heating of Southeast Asia and the atmospheric response to increasing 𝜃e over
the ocean in the northern Indian Ocean; the heating of the land is not suﬃciently competitive to shift the
maximum 𝜃e from ocean to land.
In times of high summer insolation in the Northern Hemisphere (i.e., June perihelion), the monsoon circulation is fundamentally diﬀerent. Insolation increases suﬃciently quickly from late winter to early summer
that the land-ocean temperature diﬀerence becomes very large and the location of the maximum 𝜃e shifts
toward land along the northwest and northern Indian Ocean basin. Hence, the maximum in summer precipitation shifts from Southeast Asia and the Bay of Bengal (where it is in today’s climate; see Figure 2) to land
regions extending from northeast Africa eastward to Pakistan and over northern India. This shift is aided by
a reduction in the subsidence over the Middle East that is driven when the precipitation center is over the
Bay of Bengal [Rodwell and Hoskins, 1996]. Times of high summer insolation feature a greater summer maximum in near-surface 𝜃e and therefore a more intense Indian monsoon, which accounts for the depleted
vapor that is advected northward to Tibet and thus the depleted 𝛿 18 Oc at Tianmen.
There is a notable discrepancy between our model results and the speleothem records in eastern central
China (Hulu and Sanbao caves), where observations show a 4‰ depletion in 𝛿 18 Oc during the high summer
insolation, and the model shows only a 1‰ depletion. In this region, the speleothems are unique among
the world’s cave records in that most of the 4‰ change in 𝛿 18 Oc between orbitally paced extremes is often
accomplished abruptly; if these abrupt changes are excised from the records, then the model results and
BATTISTI ET AL.

©2014. American Geophysical Union. All Rights Reserved.

12,015

Journal of Geophysical Research: Atmospheres

10.1002/2014JD021960

observations are in agreement. Thus, we raise the possibility that the 𝛿 18 Oc records in east central China
represent the smooth modest (∼ 1‰) change in 𝛿 18 Op and in climate that we see in our model, and these
climate changes give rise to an abrupt change in vegetation that are signaled by an abrupt 3‰ change in
𝛿 18 Op that is subsequently recorded in the stalagmite 𝛿 18 Oc .
We note that our model also reproduces the amplitude and pattern of the insolation-driven cycles in 𝛿 18 Oc
in the speleothems across tropical South America. The climatological interpretation of these records and the
dynamics responsible for the changes in climate and isotopic composition of precipitation across tropical
South America are presented in X. Liu et al. (manuscript in review, Journal of Climate, 2014).

Appendix A: Approximating 𝜹18 O by 𝜹18 Op
The climatological 𝛿 18 O of a sample is (see equation (1))
{
}
18
O
𝛿 18 O ≡ Cs −1 16 − 1 × 1000,
O

(A1)

where 18 O and 16 O are the moles of the oxygen isotope in a sample (in our case, precipitation) and Cs is the
ratio of 18 O to 16 O in the standard (in our case, Cs = 2.0052 × 10−3 for Standard Mean Ocean Water). To better
understand the relative contributions of changes in precipitation and changes in the 𝛿 18 O of precipitation
to the changes in the 𝛿 18 O recorded in the speleothems, in the paper we approximate equation (A1) as
∑ 18
𝛿 Om ⋅ Pm
𝛿 18 O ≅ m ∑
≡ 𝛿 18 Op ,
(A2)
P
m m
where 𝛿 18 Om is the 𝛿 18 O for the month m (i.e., equation (A1) applied to month m) and Pm is the total
precipitation for month m.
Let 18 Om be the moles of 18 O that are delivered in the precipitation in month m; similarly, 16 Om be the moles
of 16 O. The mass of precipitation for the month (in grams) is then
Pm = 20 × 18 Om + 18 × 16 Om .

(A3)

Now we can rewrite equation (A1) as follows:
{
}
Cs 𝛿 18 O × 10−3 + 1 ≡

∑ 18
O
m Om
=
.
∑
16 O
16
m Om
18

(A4)

We note that 18 Om ∕16 Om is of (Cs ).
Now consider our approximate equation (A2), which we can rewrite using equations (A1) and (A3) as
)
∑ ( −1 18 Om
− 1 × 1000 × Pm
16 O
m Cs
m
𝛿 18 Op =
,
∑
m Pm

(A5)

or
{

}

∑

Cs 𝛿 18 Op × 10−3 + 1 =

18 O
m
m 16 O Pm

∑

m

m

Pm

.

Substituting equation (A3) into the right-hand side of equation (A6), we obtain
(
( 18 ))
∑ 18
∑ 18 Om
Om
(
( 18 ))
18
m Om 1 +  16 O
m 16 O Pm
O
O
m
m
= ∑
1 +  16 m
,
∑
(
( 18 )) = 16
Om
O
Om
P
16
m m
O
1
+

m
16 O
m

(A6)

(A7)

m

and so equation (A6) becomes
{
}
Cs 𝛿 18 Op × 10−3 + 1 =

18

O

16 O

(1 + (Cs )).

(A8)

Comparing equation (A8) to equation (A4), we see that the error in approximating the climatological 𝛿 18 O
( )
(equation (A1)) with the precipitation-weighted 𝛿 18 O (equation (A2)) is of order of  Cs or about 0.2%.
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Figure B1. The diﬀerence between the climatological precipitation in the low-insolation (207 kbp) experiment and the
modern-day (i.e., with today’s insolation) experiment: (a) JJA and (b) DJF. The contour interval is 3 mm/d. Diﬀerences less
than 1.5 mm/d are white.

Appendix B: Seasonal Results From the 207 kbp and 218 kbp Experiments
Figure B1 shows the diﬀerence in the climatological precipitation from the low-insolation (207 kbp) experiment and the modern-day insolation experiment, for the Northern Hemisphere summer (JJA) and winter
(DJF) seasons. Figure B1a shows that low-insolation experiment features summertime precipitation that
is very similar to that in the modern-day climate: diﬀerences in precipitation are typically less than 20%
of the modern-day precipitation. In comparison, Figure 5b shows there are large diﬀerences in precipitation in the high-insolation experiment compared to the low-insolation experiment (and to the modern-day
experiment; not shown), including fundamental shifts in all of the centers of action for the monsoonal
precipitation. These results are expected because the NH insolation at 207 kbp is very similar to the
modern-day NH insolation, where the 218 kbp insolation diﬀers greatly from modern-day insolation (see
Figure 4). Similar results are obtained for temperature: there are minor diﬀerences in the JJA temperature
in the low-insolation and modern-day experiments (not shown), while the diﬀerences in JJA temperature between the high- and low-insolation experiments are large (see Figure 5a). This is consistent with
the small diﬀerences in insolation in the low and modern-day experiments compared to that in the highand low-insolation experiments. Hence, for JJA one can think of the diﬀerences between the high- and
low-insolation climates as being very similar to the diﬀerence between high-insolation and the modernday climate.
Unlike for NH precipitation in JJA, one cannot use the modern-day precipitation as a reference point for
envisioning the diﬀerence in precipitation in the high- and low-insolation experiments in the SH summer
(DJF): compare Figure B1b to Figure 6b. This is because the DJF insolation at 207 kbp is notably diﬀerent
from modern-day insolation (see Figure 4).
Figure B2 shows the climatological JJA precipitation and 850 hPa winds for the 207 kbp experiment, which
features maxima in precipitation over Southeast Asia, the equatorial central Indian Ocean, and the familiar
convergence zone features over the Atlantic and Paciﬁc Oceans. For completeness the climatological JJA
precipitation and 850 hPa winds from the 218 kbp experiments are also shown.
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Figure B2. The climatological JJA precipitation and 850 hPa wind velocity from the (top) high-insolation (218 kbp) and
(bottom) low-insolation (207 kbp) experiment. Contour interval is 3 mm/d. The maximum wind vector is 14.4 m/s.
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